Imaging the atmosphere with a thermal infrared camera can yield a rich variety of information, ranging from the water-vapour content to the spatial distribution of clouds. Such remote sensing measurements are being used to study climate and to characterize ground-station sites for Earth-space optical communications. The key to turning interesting but qualitative images into the highly accurate quantitative images required for this type of research is careful radiometric calibration. This is especially true when using uncooled microbolometer cameras, which are becoming widely available at relatively low cost. When such cameras are calibrated properly, their images illustrate a variety of important basic principles of optics and atmospheric physics related to thermal emission and absorption by atmospheric gases and clouds.
Introduction
Observing the atmosphere is a rich source of lessons in optics and atmospheric physics. The scattering of sunlight by tiny gas molecules creates a deep blue clear sky, while the same scattering process with longer paths at sunrise or sunset removes the blue skylight to create the warm orange and red colours that are best seen reflected by the much larger water droplets or ice crystals of clouds; with shorter atmospheric paths, the scattering by larger water or ice particles creates white or grey clouds [1] . The Sun or Moon, observed through optically thin clouds, can be surrounded by colourful diffraction rings (called the corona), whose sizes can be related to the size of the cloud's water droplets [1, 2] or tiny ice crystals [3] . In deep twilight, a combination of high-altitude particle scattering and gaseous absorption can turn the sky a subtle but striking purple colour [1, 4] . In the midst of rain showers, the even-larger rain drops refract and reflect light to disperse the colours into a rainbow [1, 5, 6] . Ice crystals in the air can refract and reflect light to create spectacular halo patterns or simple parhelia (or 'sundogs') [1, [7] [8] [9] [10] . These interactions of visible light with objects of such a wide range of sizes-from molecules to ice crystals-provides a continuum of lessons in optics and atmospheric physics, vividly illustrating the basic principles of scattering, diffraction, absorption, refraction and reflection.
There are similarly rich lessons in optics and atmospheric physics from thermal infrared (IR) observations, but in this case the concepts most readily illustrated are absorption and emission. Because of limited experience in observing thermal IR phenomena, many people find these lessons more difficult to conceptualize. Nevertheless, the rapidly increasing technological capabilities and decreasing costs of thermal IR cameras are combining to make such observations more practical. Some excellent applications of thermal IR cameras for teaching university-level physics were presented recently by Möllmann and Vollmer [11] , ranging from visualizing electromagnetic modes in a microwave oven and transient heat transfer when a tennis ball strikes the floor, to noninvasively determining the internal structural pattern of plaster walls. Additional examples were described along with an excellent discussion of the technology and physics of thermal imaging by Vollmer and Möllmann [12] . In a similar spirit, this paper illustrates some of the physics principles that become apparent when an IR camera is used to observe the atmosphere.
Radiometric imaging with uncooled infrared cameras
The increasing availability of thermal cameras arises primarily because of the development of uncooled IR imaging systems that do not require cryogenically cooled detectors [13] . These systems typically rely on microbolometer detector arrays that produce qualitatively useful images, but are rather difficult to calibrate for quantitative radiometric measurements. Primary sources of this difficulty include an inherently non-uniform pixel-to-pixel response and a high sensitivity to changes in the camera's focal-plane-array temperature. These challenges become even more significant when the imaging system is pointed at an object with low thermal emission, such as the atmosphere.
By acquiring images of a large-area blackbody calibration source immediately before and after an atmospheric image, it is possible to obtain radiometric images in which the digital number of each pixel is converted to a quantity such as radiance in W (m 2 sr) -1 or brightness temperature in K [14] [15] [16] [17] . However, if such a large and expensive source is not available or not desired in the field, the methods we described recently are capable of stabilizing the self-temperature response of microbolometer cameras, thereby allowing them to maintain calibration even when operated outdoors in a changing environment [17] .
These calibration methods were developed to enable high-accuracy, calibrated imaging of the long-wave IR emission from the atmosphere for measuring spatial and temporal cloud patterns [14, 15, 18, 19] , but they also have enabled diverse remote sensing applications that include locating underground CO 2 gas leaks [20] and monitoring the population of bee hives [21] . Uncooled imagers are desirable in this kind of research because they can be used in longterm deployments at remote field sites. Two examples of radiometric images obtained from long-wave IR microbolometer cameras in the 8-14 μm spectral band are shown in figure 1 . The first example ( figure 1(a) ) is an image of a wolf at night, calibrated to show the brightness temperature T b in degrees C. At the time this image was acquired, the wolf's body was in thermal equilibrium with its surroundings, so the only observable warm spots in the image were the wolf's eyes, face and forelegs. The second example ( figure 1(b) ) is an image of a . This sort of imagery has been used to estimate the population and robustness of bee hives [21] .
Radiance and brightness temperature are related through Planck's radiation law, which in the form shown in equation (1) expresses the spectral radiance [Watts per (area × solid angle × wavelength interval)] emitted by an object as a function of temperature and wavelength.
In this equation, h is Planck's constant (6.626
, c is the speed of light in a vacuum (2.998 × 10 8 m s −1 ), λ is the electromagnetic wavelength and T is the temperature of the emitting object. More generally, this equation is multiplied by a wavelength-dependent factor called the emissivity, which varies between 0 for a non-radiating object (a perfect mirror) and 1 for an ideal blackbody (note that the brightness temperature is less than the physical temperature unless the emissivity = 1, and in the case of the wolf image shown in figure 1 the emissivity has been assumed to be 1). Figure 2 is a plot of blackbody spectral radiance versus wavelength for a blackbody at a temperature of 288 K, typical of the temperature of air near the Earth's surface. The peak near 10 μm wavelength would shift to longer wavelengths for colder temperatures and would shift to shorter wavelengths for higher temperatures.
Thermal emission from the atmosphere
A somewhat more abstract concept than emission from solid objects is that of thermal emission from the gas molecules of the atmosphere. However, vibrations and rotations of these molecules constitute electrical charges in motion, and therefore produce electromagnetic radiation-in this case in the form of thermal IR emission. Because thermal equilibrium requires the rate of emission to equal the rate of absorption (Kirchhoff's radiation law), the atmosphere emits radiation most readily at the same wavelengths that it absorbs effectively. Consequently, we begin this discussion with an examination of atmospheric transmittance, which is plotted as a function of wavelength in figure 3 . Most of the spectral structure is a result of molecular absorption by atmospheric gases (primarily trace gases such as water vapour, ozone and carbon dioxide, which constitute less than 1% of the atmosphere). One notable exception is the rolloff of transmittance at wavelengths below about 2 μm, which is caused by a combination of molecular scattering (Rayleigh scattering, varying as wavelength −4 ) and strong ozone absorption below 0.35 μm. Note also that this spectrum was calculated for very clean air, using the Modtran Rural aerosol model with 23 km visibility. In a more urban environment there would be significantly more aerosols, which would result in scattering that would reduce the visible transmittance well below what is shown in figure 3 . In fact, one effect of abundant aerosol scattering in dry air is to reduce the visible atmospheric transmittance notably below the IR transmittance in the 8-14 μm spectral region.
Spectral regions with high transmission are called 'atmospheric windows', which include the visible (∼0.4-0.7 μm), short-wave infrared (SWIR ∼1-2 μm), mid-wave infrared (MWIR ∼3-5 μm), and long-wave infrared (LWIR ∼8-14 μm). The MWIR window is interrupted by carbon dioxide absorption centred at 4.3 μm and the LWIR window has ozone absorption centred at 9.6 μm. The overall envelope of the LWIR transmission window is governed by the amount of water vapour in the atmosphere at any given time and place.
Water-vapour content is also a fundamental parameter in determining the amount of emission in the LWIR window, as shown in figure 4 . This is a plot of atmospheric radiance (solid blue curve) and 288 K blackbody radiance (dashed red line), emitted as a function of wavelength in the thermal IR region. The atmospheric emission is calculated with Modtran5 for two different values of integrated water-vapour content in the 1976 US Standard Atmosphere model. The blue curve in figure 4(a) is for 1 cm of 'precipitable water vapour' (PWV, the thickness of liquid water that would result from compressing all the water vapour in the atmosphere until it precipitated as liquid), while the blue curve in figure 4(b) is for 2 cm of PWV. For reference, 1 cm is a typical PWV value during the dry winter months in much of Europe and the central US, while 2 cm is a typical summertime value in these same locations. Very low humidity levels would be typified by a PWV value of 0.5 cm (sometimes much less) during the dry season in the deserts of the southwest US, Northern Africa and Asia (e.g. Mongolia), or even the high Arctic and Antarctic regions. Very high humidity would be typified by a PWV value in the range of 3-5 cm during the wet season in locations such as southeast Asia and the tropics. A useful tool for exploring the PWV at many locations around the world is the Aerosol Robotic Network (AERONET), a NASA network of stations that measure atmospheric aerosol properties and PWV with sun-viewing solar radiometers [22] . Careful examination of figure 4 reveals that atmospheric emission resembles the transmission spectrum of figure 3 flipped upside down and spectrally weighted by a blackbody curve at the near-surface air temperature of 288 K (see figure 2) . This results in a high emission relative to the blackbody envelope at wavelengths with low transmittance. In keeping with this behaviour, the two emission spectra with different values of PWV follow essentially the same blackbody curve at wavelengths above 22 μm and between 6-8 μm, because of high water-vapour absorption (in fact, atmospheric transmittance is not shown above 22 μm in figure 3 because it is essentially zero). The same behaviour is observed at 14-16 μm because of carbon dioxide absorption, and to a lesser degree at 16-22 μm because of water-vapour absorption.
We can solve the Planck blackbody function (equation (1)) for temperature at each wavelength to convert the atmospheric radiance spectra in figure 4 into the brightness temperature (T b ) spectra in figure 5. Since the air temperature generally becomes colder with altitude in the troposphere, an IR imager looking up from the ground will see the warmest air nearest the imager and colder air at higher altitudes. Consequently, figures 4 and 5 generally follow a blackbody curve for a near-surface air temperature near 288 K at wavelengths with high absorption. Deviations below this envelope occur at wavelengths where the transmission is sufficiently high to allow the imager to observe emission from colder air at higher altitudes. In fact, at the more highly transmitting wavelengths, the imager observes integrated emission from a range of altitudes and therefore a range of temperatures, so the regions of lower emission match a blackbody curve for a temperature that is a weighted integral over the observed altitude range. Note that the minimum T b occurs in the LWIR window in the approximate wavelength range of 8-14 μm. It is also important to note the large difference in radiance or T b that arises because of the differing PWV values (1 cm for figure 5(a) and 2 cm for figure 5(b) ). This shows clearly that the LWIR-window atmospheric emission varies primarily with changing PWV. For reference, if we consider an IR imager located on a satellite looking down, it would observe spectra that are the approximate inverses of figures 4 and 5. The highest radiance or T b would be emitted by the underlying surface, which would be visible to the satellite-based imager only in the window regions. In spectral regions with high absorption, the imager would see emission from cold air at high altitudes.
Infrared cloud imaging
Clouds also emit thermal radiation, and except for thin cirrus they emit a nearly ideal blackbody spectrum corresponding to the altitude-dependent cloud temperature and cloud emissivity, which is 1 for clouds with at least 0.1 mm of integrated liquid [23] and is usually less than 1 for ice clouds with an ice water path less than 0.1 mm [24] . Optically thick cloud emission is therefore similar to a blackbody curve at or near the temperature of the cloud (i.e., the air temperature at the cloud-base altitude). This is illustrated in figure 6 , which shows emission spectra from (a) a 2 km thick cirrus cloud at 10 km with an integrated extinction of 0.28 at 0.55 μm wavelength and a mean temperature of 216.8 K, and (b) an optically opaque, 0.6 km It is straightforward to infer from figure 6 that the altostratus cloud emits as a blackbody with a temperature slightly lower than the near-surface air (the cloud emission has a loweramplitude peak at a slightly longer wavelength than the blackbody envelope of the nearsurface air). However, the cirrus cloud spectrum is different from a blackbody because it is not optically opaque. Furthermore, the cirrus emission is similar to the emission spectrum of the clear atmosphere with increased water vapour (compare figure 6(a) with figure 4(b) ). From these observations we can state three conclusions: (1) clouds are readily observed in the LWIR-window region; (2) cirrus cloud emission in the LWIR window closely resembles clearsky emission, so thin cirrus can be quite difficult to distinguish from the clear sky, especially at higher humidity levels; and (3) optically thick clouds, which occur typically at lower, warmer altitudes, are easy to differentiate from clear-sky emission.
In the infrared cloud imager (ICI) method, we apply a radiometric calibration to the IR images and carefully compensate for the estimated clear-sky emission so that thin cirrus clouds can be detected in the presence of variable atmospheric conditions [14, 15, 18, 19] . This procedure requires integrating the cloud spectral radiance (figure 6) over the spectral response function of the IR camera to determine the observed broadband radiance. For the FLIR Photon 320 camera used to acquire the data shown here, the spectral response function is a Gaussian-like curve with 50%-sensitivity points at wavelengths of approximately 8.4 μm and 13.8 μm (typical of many LWIR cameras). Figure 6 shows that the bulk of the camera's signal is from within the atmospheric window; however, because the camera's response extends into the water-vapour emission below 8 μm and the carbon dioxide emission above 14 μm, the observed radiance is a stronger function of air temperature than it would be with a narrower bandwidth.
The following figures are example sky images obtained in Barrow, Alaska with a zenithpointing ICI system using a FLIR Photon 320 camera with 324 × 256 pixels and a custom wide-angle lens with a 110
• diagonal field of view. ) measured at 1657 UTC on 19 July 2012. In other words, this is a measurement of the spatial distribution of band-average radiance emitted towards the ground by the clear atmosphere and clouds. Figure 7(b) is the clear-sky emission for the same camera bandwidth, calculated from the measured PWV (1.83 cm) and near-surface air temperature (1.11
• C). Figure 7 (c) is the difference between the total and clear-sky radiance, which we call the residual radiance. This should be zero (within the calibration uncertainty) at cloud-free ) and because these clouds are quite thin, this particular image shows a significant amount of spatial noise and image artefacts; for example, there are vertical stripes caused by the micro-groove structure of the blackbody calibration source [16] and several circular patterns which are likely to have been caused by dust particles on the sensor or perhaps the lens. However, additional image processing can remove much of this variability. Once this processing is complete, the value of residual radiance is used to identify the presence of clouds and also to estimate the visible-wavelength cloud optical depth (OD), a dimensionless number describing the path-integrated extinction through the cloud [25] . Therefore, IR cameras are not only capable of mapping out regions of the sky that contain clouds, but also of mapping out the spatial distribution of cloud radiance, temperature and OD (similar IR imagers have been used by Smith and Toumi to determine cloud radiative forcing [26] ). Example cloud products are shown in figure 8(a) , a cloud map that indicates which pixels contain clouds and which do not, and figure 8(b) shows a cloud OD map that adds information about the spatial distribution of the cloud optical characteristics.
The cloud OD can be estimated from ICI images up to a value of approximately 4. Clouds emit as blackbodies at larger OD values, meaning the ICI measurements of such clouds can only tell us that the cloud OD is equal to or greater than this value. The method of estimating cloud OD from ICI images is to first estimate the LWIR emissivity from the cloud radiance, which requires knowing or assuming the cloud altitude and temperature [25] . The LWIR emissivity of a thin cloud can be approximated within narrow spectral bands as 1-exp(−0.79τ ), where τ is the visible cloud OD [27, 28] . (This is a model for narrow 'micro-window' spectral bands, and we are studying how it might need to be modified for optimal application to wider bandwidths.) Finally, the LWIR cloud OD is estimated as half the visible cloud OD [29, 30] . This entire procedure requires the cloud height, which can be assumed or measured with a LIDAR instrument.
The measurement leading to figures 7 and 8 was for a PWV value (1.8 cm) that is surprisingly high in the Arctic, presumably because of moisture arising from the nearby ocean. The relatively high PWV provides an excellent demonstration of how the clear-sky radiance can be the largest radiance component in a LWIR sky image. Notice, for example, that very thin clouds at the zenith (i.e., the centre of figure 7(a)) emit only approximately 1 W (m 2 sr) -1 more than the nearby clear sky. An observer can discern that clouds are present in the total radiance image of figure 7(a), but the overall spatial pattern in this image is dominated by the variation of atmospheric path length with angle from the zenith. Without accurate compensation of the angle-dependent clear-sky emission shown in figure 7(b) , it would be difficult or impossible to properly identify cloudy and clear pixels (such as figures 8(a) and (b)). Even with careful removal of the clear-sky emission, the thin clouds in this example exhibit a very small signal. Figure 9 shows an example with thicker clouds that exhibit notably higher emission than those in figure 7 . This is a measurement from Barrow, Alaska, at 1526 UTC on 21 July 2012, with PWV of 1.1 cm and an air temperature of −1.1
• C. The lower PWV value (with comparable air temperature) leads to a lower clear-sky radiance compared with figure 7(b), and the optically thicker clouds generate a much larger total radiance and residual radiance signal relative to figures 7(a) and (c). The corresponding cloud-mask and cloud OD images are shown in figure 10 . The added information content is apparent in the cloud OD image of figure 10(b) relative to the simple cloud-mask image of figure 10(a) .
The inevitable questions about minimum detectable signal or minimum detectable cloud OD are difficult to answer precisely, primarily because they depend very strongly on the atmospheric conditions and the amount and type of processing performed on the images. With our custom calibration methods applied, uncooled microbolometer long-wave IR cameras usually have a noise level corresponding to a blackbody temperature near −60
• C. A more common figure of merit for thermal imagers is the noise-equivalent temperature difference (NETD), which is the (usually temporal) temperature change that produces a signal change equal to the noise, resulting in a signal-to-noise ratio of 1. This type of camera typically has NETD of approximately 30-50 mK with an F/1 lens. For our standard ICI instruments, clouds can be detected down to an OD of approximately 0.1 without extra thin-cloud processing enhancements.
Conclusion
The increasing availability and quality of infrared imagers is making it more practical to use them for teaching about physics in the atmosphere. Relatively low-cost infrared imagers using microbolometer detectors can be calibrated to accurately measure sky emission, with sufficient care. The principles outlined in this paper can be used to interpret such images quantitatively or qualitatively, especially relating to the atmospheric water-vapour content, cloud altitude, cloud temperature and cloud optical depth. At any one angle, the clear-sky emission increases primarily with water-vapour content, but also with air temperature. The clear-sky emission increases steadily at angles away from the zenith direction, producing a circular pattern centred on the zenith. Removing the clear-sky emission produces a residual radiance pattern that indicates the spatial pattern of clouds, if any. The value of this residual can be used not only to identify the presence of clouds, but also to estimate the value of the optical depth of the clouds.
